Surface carbonate sediments from sites on the Bahamas Bank with different seagrass densities were incubated across a range of O 2 delivery rates, to study the controls on metabolic carbonate dissolution in these sediments. The results confirmed the 1:1 ratio between the rates of O 2 consumption and carbonate dissolution, demonstrating that microbial respiration was the ratelimiting step in metabolic carbonate dissolution. Furthermore, the dissolution we observed was actually net dissolution resulting from coupled dissolution and reprecipitation. This carbonate reprecipitation occurs on the time scale of days, and significantly alters the pore water dissolved inorganic carbon (DIC) stable isotopic composition. The carbonate reprecipitation/dissolution ratios observed here were similar to those reported in the literature for other sediments. Dissolution/ reprecipitation appeared to involve preferential dissolution of high magnesium calcite and reprecipitation of a carbonate phase with a Mg content that was only slightly lower than that of the dissolving phase. This result agrees with conclusions in the literature that "Ostwald ripening" may be responsible for this reprecipitation.
Introduction
Shallow water carbonate sediments (carbonate banks/bays, and continental shelves) represent the second largest carbonate pool on Earth, despite the fact that they cover only 8% of the area of the modern ocean. Furthermore ϳ40% of global oceanic carbonate production and accumulation occurs in these shallow water environments (Milliman, 1993) . Sediments from carbonate banks (e.g., Florida-Bahamas Banks) are traditionally considered to be net carbonate depositional environments (e.g., Broecker and Takahashi, 1966) yet they also undergo significant dissolution in association with both aerobic and anaerobic microbial respiration processes (Morse et al., 1985; Walter and Burton, 1990; Ku et al., 1999) . As a result, as much as 20-50% of the gross carbonate production may be dissolved before the sediments are permanently buried (Walter and Burton, 1990; Ku et al., 1999; Sanders, 2003) . Carbonate dissolution also represents a negative feedback mechanism in the global carbon cycle that may potentially compensate for rising atmospheric CO 2 by supplying excess alkalinity to the water column (Archer et al., 1989 (Archer et al., , 1998 Caldeira and Rau, 2000) In shallow water sediments, microbial respiration of organic matter is generally the driving force for the occurrence of carbonate dissolution, despite the fact that the overlying waters are supersaturated with respect to the common carbonate minerals found in these sediments (Morse et al., 1985; Walter and Burton, 1990; Green and Aller, 1998, 2001; Burdige and Zimmerman, 2002) . In particular, aerobic respiration in the sediments generates metabolic CO 2 and drives down the pore water saturation state with respect to the solubility of carbonate mineral phases such as calcite or aragonite; once the pore waters are sufficiently undersaturated, carbonate dissolution can occur. This process can be written in the following simplified fashion:
(1)
and an important aspect of this "metabolic" carbonate dissolution is that sediment O 2 input is an important controlling factor in the occurrence of carbonate dissolution. In tropical and subtropical sediments, the presence of seagrasses growing in the sediments enhances benthic aerobic respiration, and hence carbonate dissolution, in two important ways: through subsurface pumping of O 2 into the sediments from seagrass roots and rhizomes, and through increased input of sediment organic matter (Burdige and Zimmerman, 2002; Burdige et al., 2008) . In our previous work on Bahamas Bank sediments (Hu and Burdige, 2007) , we were able to achieve a stable carbon isotope mass balance for the two sources of DIC being added to the pore waters by metabolic carbonate dissolution (Eq. 3) in intermediate density seagrass sediments and in bare oolitic sand sediments. However, in sediments with high seagrass densities we observed that the pore water DIC pool was enriched in 13 C, and that its isotopic composition could not be explained by the 1:1 mixing of DIC derived from sediment carbonate dissolution and organic matter oxidation that is predicted by this equation. Similar observations have been reported in other shallow water estuarine and coastal sediments (McNichol et al., 1991; Eldridge and Morse, 2000; Walter et al., 2007) , although an adequate explanation of these observations has not been presented. In contrast, we proposed a closed-system model to explain this pore water DIC 13 C enrichment based on the coupling between carbonate dissolution and reprecipitation (Hu and Burdige, 2007) . Qualitatively, our model results agreed with the observations in these studies.
In this model, differences in the solubility of sedimentary carbonate phases (calcite, aragonite and high-Mg calcite or HMC) can lead to a situation in which the pore waters are undersaturated with respect to one or more metastable phase (e.g., HMC) yet are still supersaturated with respect to another more stable phase (e.g., calcite). Thus net sediment carbonate dissolution results from the balance between gross dissolution of the more soluble carbonate phase and reprecipitation of a more stable secondary phase. This secondary phase may indeed be a different carbonate mineral (e.g., Rude and Aller, 1991) , although dissolution/reprecipitation may also occur through "Ostwald ripening," in which smaller crystals dissolve and reprecipitate on the surfaces of larger crystals, with no change in mineralogy. Here, the lower surface free energy of larger (versus smaller) crystals leads to the solubility differences that drive the dissolution/reprecipitation process (e.g., Hover et al., 2001) . The HMC which reprecipitates in this manner may also have a very similar (although perhaps slightly lower) Mg content relative to the original material (Cole and Chakraborty, 2001; Hover et al., 2001) .
In this paper, we describe a series of closed-system incubation experiments using surface sediments from sites on the Bahamas Bank that have different seagrass densities. In these experiments, sediments were incubated at a range of O 2 input rates, and changes in pore water solute concentrations (e.g., alkalinity, DIC, calcium, sulfide) as well as the ␦ 13 C of the DIC were monitored over time. With the results of these studies we have quantitatively examined the dynamics of carbonate dissolution and reprecipitation in these sediments, along with the composition of the dissolving and reprecipitating carbonate phases. These data were also used to further verify the carbonate dissolution/reprecipitation model proposed in our previous work (Hu and Burdige, 2007) .
Materials and methods

a. Site descriptions
The work described here was carried out during a 2003 field expedition to Lee Stocking Island (LSI), Exuma Cays, Bahamas, and on a cruise in 2004 aboard the R/V F. G. Walton Smith across the greater expanse of the Bahamas Bank (WS, see map in Fig. 1 ). Three sampling sites around LSI were studied-the Channel Marker (CM), Halfway (HW) and Ooids Shoals (OS) sites. On the WS cruise, studies were carried out at two sites-WS-3, located northwest of Andros Island and WS-13, located west of the Exuma Cays near Pipe Cay. Information about all of these sites can be found in Table 1 (also see Hu and Burdige, 2007 and Burdige et al., 2008) .
The porosity of these sediments ranged from 45-65% (Table 1) with a grain size range of 200-800 m (Burdige and Zimmerman, 2002; Hu, 2007) . X-ray diffraction results (analytical procedures described in Section 2e) showed that these sediments were predominantly aragonite (70-90%), with lesser amounts of high magnesium calcite, or HMC (10-30%), and low magnesium calcite, or LMC (Ͻ3%). The Mg content of the HMC was fairly uniform among these sites, ranging from 12.0-13.6 mol% ( Table 2 ).
b. Sediment incubation studies
Surface sediments (0-2 cm) from all sampling locations were collected by SCUBA divers with care taken to not mix these sediments with deeper sediments. Seagrass and large mollusk debris were removed immediately after sampling using a plastic sieve (⌽ϭ1 mm), and the sediments were then washed with surface seawater collected at the sampling sites. During processing the sediments were stirred continuously to ensure that they were well oxygenated and homogenized.
The technique used in these incubation studies was modified from the approach described in Hulthe et al. (1998) , and a schematic illustration of the experimental set-up is shown in Figure 2 . As will be discussed below, the approach allowed us to incubate the sediments at different O 2 delivery rates (Table 3) , and the loops were inserted into 42 ml glass vials. Surface seawater (5.0 ml) was next added to each vial, and the vials were then filled with the well-mixed sediment. Finally, the vials were tightly screwed shut and the caps were secured with Bathurst, 1971) . A detailed map of the LSI region showing the sites in this region (CM, HW, and OS) can be found in Hu and Burdige (2007) .
Parafilm to prevent contamination from atmospheric O 2 . Aliquots of the sediment were sampled before, during the middle, and after the filling process, to determine the average porosity in the experimental sediments. The porosity data were used to calculate pore water volume in the incubation vials. Blank experiments using vials filled with N 2 -purged seawater showed a net O 2 gain of ϳ1 mol kg Ϫ1 d Ϫ1 . Therefore during a 4.5-5-day incubation there would have been a maximum O 2 input into each vial of Յ5 mol kg
Ϫ1
, as compared with the mmol kg
concentration changes of pore water solutes such as DIC, alkalinity or Ca 2ϩ . This small amount of oxygen "leakage" into the vials was thus negligible.
After the vials were filled with sediment and sealed, the gas diffusion tube for each series of incubation vials was connected to a compressed N 2 , O 2 or air tank through a Norgren gas pressure regulator. The tubing was flushed with gas before the end of the tube was heat-sealed. The gas regulator was then set at the desired pressure to establish the O 2 -delivery rate (see Section 2c). The O 2 -delivery rates used here (Table 3 ) span the range of depth-integrated rates of seagrass O 2 input to Bahamas Bank sediments (Bodensteiner, 2006; Burdige et al., 2008) , when these integrated rates are converted to discrete rates (i.e., mol kg Ϫ1 hr Ϫ1 ) based on the weight of wet sediment in each vial and the sediment porosity. The vials were incubated in the dark at constant temperature in a flowing seawater bath (Table 3 ). All incubations were maintained at constant gas pressures except 13-H, in which the O 2 pressure was first set at 20 psi, and was then decreased to 10 psi after 56 hrs (to keep the pore water O 2 concentration below saturation levels; see Fig. 3 ).
Immediately after an incubation was set up, the first time point was collected by cutting the tubing between the last two vials and heat-sealing the open end of the shortened piece of tubing attached to the last of the remaining vials. Subsequent time points were collected every ϳ12 hours for the next 4.5-5 days using the same procedure. Before pore water was collected from each vial, the vial was weighed to determine the total amount of wet sediment. Dry sediment and pore water weights in each vial were calculated using porosity data.
For each time point, the sediment in the vials was first re-homogenized by manually shaking the vials, and the O 2 concentrations were determined by inserting an 18-gauge stainless steel sleeved fluorescence optical oxygen sensor (Ocean Optics) through the septa. The O 2 sensor was calibrated using two O 2 concentrations-N 2 purged oxygen-free seawater and air-saturated seawater at a known salinity and temperature. The O 2 concentration of the latter was calculated using the O 2 solubility equation in Pilson (1998) . Additional details about these O 2 measurements can be found in Hu (2007) .
The vials were next centrifuged at room temperature for 5 minutes in a clinical centrifuge at 3000 rpm to separate the pore water from the sediments. This water was drawn into a clean polypropylene syringe and filtered through 0.45 m Gelman Nylon Acrodisc filters. Samples for titration alkalinity (Alk T ), pH and total dissolved sulfide (¥H 2 S) were stored in air-tight vessels in a refrigerator (Hu and Burdige, 2007) and analyzed within 1-2 days of sampling. The remaining pore water was distributed into two crimp-sealed 2 ml serum vials with no headspace (for DIC concentration and stable isotope analyses), and into a 2 ml plastic snap-cap vial (for major ion analyses). These samples were stored in the dark in a refrigerator and analyzed within 3 months of collection. Finally the residual sediments were removed from the vial and stored frozen at Ϫ20°C. 
c. Calibration of the O 2 diffusion tubes
The oxygen delivery rate as a function of O 2 partial pressure was determined in the lab for each type of diffusion tubing, using the same basic experimental set-up that was used in the field studies. Here however, vials that contained a 20 cm tubing loop were filled with N 2 -purged seawater rather than sediment. After the tubing was flushed, heat-sealed and the gas pressure set on the regulator, the O 2 concentration in a given vial was monitored over time with the optical oxygen sensor described above (Fig. 4) . The results of these time courses (e.g., the slope of the line in the inserts to this figure) were plotted as a function of tubing gas pressure and used to construct calibration curves (O 2 delivery rate vs. regulator pressure) for both pure O 2 and air as the delivery gas. For each type of tubing and delivery gas, oxygen concentrations increased linearly with time (at a given gas pressure); oxygen delivery rate was also a linear function of gas pressure (Fig. 4) . ) . c In the 13-H incubation, the O 2 gas pressure was first set at 20 psi O 2 for the initial 56 hours, and it was then decreased to 10 psi for the rest of incubation to keep the pore water O 2 concentration below saturation levels (see Fig. 3 ).
d. Chemical and isotopic analyses
Total alkalinity (Alk T ) was determined on 2-3 ml samples by Gran Titration using a Metrohm automatic titrator combined with a Cole-Parmer pH electrode, calibrated using pH 4.00, 7.00 and 10.00 NIST-traceable buffers (Grasshoff et al., 1999) . The titrant used was 0.02 N HCl (Fisher certified) and Scripps Reference Seawater (Dickson et al., 2003) was also used as an external reference standard. Total dissolved sulfide (¥H 2 S) was determined using the spectrophotometric method described in Cline (1969) . A UIC Coulometer was used to determine dissolved inorganic carbon (DIC) for all samples (Dickson et al., 2007) . Dissolved calcium was determined on 0.1 ml pore water samples by automated EGTA titration with end point detection using a Thermo Orion Ca 2ϩ ionselective electrode (Kanamori and Ikegami, 1980) . Chlorinity (chloride concentration) was also determined by automated silver nitrate titration with end-point detection by a Brinkman Ag Titrode TM (Metrohm Ti Application Note No. T-1). Both titrants (EGTA and AgNO 3 ) were standardized using IAPSO standard seawater (Grasshoff et al., 1999) . Samples from the WS-3 and WS-13 incubations were analyzed for ␦ 13 C of the pore water DIC on a PDZ Europa 20-20 isotopic ratio mass spectrometer (IRMS), using a modification of the procedure of Salata et al. (2000) as described in Hu and Burdige (2007) .
Oven dried (60°C) sediment samples were analyzed for ␦ 13 C of the sediment carbonate by acidification in a "Kiel" device using pure phosphoric acid at 90°C, with the resultant CO 2 gas then introduced into a PDZ Europa GEO 20-20 IRMS. Seagrass samples were also analyzed for the ␦ 13 C of the organic carbon with a Carlo Erba NA1500 elemental analyzer (EA) interfaced with the IRMS. Before analysis, samples were acid-cleaned and oven-dried at 60°C followed by grinding to fine powder with a mortar and pestle (Grice et al., 1996) . All isotopic values are reported relative to the PDB standard. The seagrass C/N ratio was calculated based on EA peak intensities calibrated with an asparagine standard (Joy Davis, pers. comm.).
Uncertainties of these analyses were: alkalinity (Ϯ2%), DIC (Ϯ2%), Ca 2ϩ (Ϯ1%), chlorinity (Ϯ0.2%), ␦ 13 C (Ϯ0.2‰), ¥H 2 S (Ϯ2%), O 2 (Ϯ3%).
e. Mineralogy Sediment mineralogy was determined by X-ray diffraction (XRD) using a Philips PW 1729 X-ray generator with Cu-K␣ nickel filtered radiation at 40 kV and 30 mA. Scans were run from 25°to 32°2 with a scanning step of 0.02°2 and a measuring time of 2s per step. Crushed oyster shells (Crassostrea, calcite) and coral (Porites, aragonite) were used as carbonate standards (e.g., Milliman, 1974) . Additional details about these analytical procedures can be found elsewhere (Morse et al., 1985; Hu, 2007; Hu and Burdige, 2007) . The uncertainty in our results (i.e., %HMC, %LMC, and %aragonite) was Ͻ1.5% (1, nϭ3), although the accuracy of this XRD method is generally considered to be Ϯ3-5% (Morse et al., 1985; Andrews, 1991; Milliman et al., 1993) .
The Mg content of the HMC was also determined by XRD (Goldsmith et al., 1961) and the uncertainty of this measurement was Ͻ0.5%. Past studies of natural carbonates have shown that the Mg content of HMC determined by XRD agrees well with bulk chemical analyses of HMC (Walter and Morse, 1984) .
Results a. Pore water chemistry i. Overview of the results.
Closed-system incubations of carbonate sediments under different O 2 input rates essentially exhibit three types of behaviors: (1) anoxic remineralization, when the O 2 input rate is zero, (2) the apparent co-occurrence of oxic and anoxic remineralization, when O 2 input is low compared to O 2 consumption potential, and (3) oxic remineralization, when O 2 input is greater than or equal to O 2 consumption.
When the O 2 input rate is zero (case 1 above, i.e., the diffusion tube was pressurized with N 2 gas), the incubated sediments become O 2 free shortly after the incubations were set up. Although the initial sediments were well mixed and oxygenated during experimental setup, by the time the first time points were collected (Ͻ 1 hr), sediment O 2 levels were zero except in some of the incubations with high O 2 delivery rates. Sulfate then becomes the next major electron acceptor in organic matter remineralization, because nitrate, Mn oxides, and Fe oxides are all found at very low levels in these carbonate sediments (Morse et al., 1985; Burdige, 2006) .
In these anoxic incubations, pore water alkalinity and DIC levels increase as a result of sulfate reduction. Pore water saturation states with respect to carbonate minerals such as calcite or aragonite may initially decrease when there are low amounts of sulfate reduction (ϳ0.7 mmol kg Ϫ1 loss of sulfate) and lead to slight amounts of carbonate dissolution.
However, as sulfate reduction progresses, the buildup of pore water alkalinity generally leads to authigenic carbonate precipitation, as reflected by the depletion of Ca 2ϩ over time (Walter and Burton, 1990; Stoessell, 1992; Boudreau and Canfield, 1993) .
When O 2 consumption is rapid as compared to O 2 input from the diffusion tube (case 2), pore waters of the incubated sediments will have no dissolved O 2 , and aerobic respiration and sulfate reduction can co-occur in microenvironments within the vials (i.e., aerobic respiration in regions close to the diffusion tube and sulfate reduction farther away). Some of the O 2 consumption is also likely involved in re-oxidation of sulfide to sulfate. The combination of sulfate reduction and sulfide oxidation is functionally equivalent to aerobic respiration (Eq. 1) according to:
͑5͒ ͑6͒
This implies that in these experiments O 2 input can be thought of as solely driving aerobic respiration, which can then presumably mediate carbonate dissolution (rxn. 3). Due to the co-occurrence here of net sulfate reduction and aerobic respiration, pore water alkalinity and DIC come from two sources, i.e., metabolic carbonate dissolution and sulfate reduction. When the O 2 input rate is greater than or equal to the rate of sediment O 2 consumption (case 3), dissolved oxygen will be observed in the pore waters. Aerobic oxidation of organic matter and metabolic carbonate dissolution are therefore the dominant reactions which occur. Alkalinity, DIC, and Ca 2ϩ concentrations are expected to increase, with the alkalinity increase essentially coming solely from carbonate dissolution.
ii. O 2 and sulfide concentration changes. All sediments used in these studies were initially well mixed and oxygenated, and in all studies except those using N 2 as the diffusion gas, oxygen was continuously added to the sediments during the course of the incubations. However, in many of the studies O 2 could not be detected in the sediments once the incubations were initiated (cases 1 and 2 above). These included all of the CM, HW, OS incubations, and the 3-N, 13-N and 13-L incubations (see Table 3 ). Dissolved O 2 was detected in the incubations that used C-Flex, versus Teflon, tubing (3-L, 3-H, and 13-H; see Fig. 3 ), which suggests that here aerobic respiration was the sole carbon oxidation process (i.e., case 3 above).
Total dissolved sulfide (¥H 2 S) was observed in some CM-incubation pore waters at the first time point, and all incubated CM sediments with or without O 2 input produced significant amounts of ¥H 2 S (0.9 -2.1 mmol kg Ϫ1 at the end of each incubation; Fig. 5 ). Low levels of sulfide were detected in the HW incubations (ϳ0.01 mmol kg Ϫ1 ), while no sulfide was detected in the OS incubations. A slight increase in sulfide was observed in the 3-N incubation and no sulfide was present in either the 3-L or 3-H incubation, consistent with the occurrence here of dissolved O 2 in the pore waters. In Figure 5 . Concentrations of total dissolved sulfide (⌺H 2 S) versus time in the pore waters of all experimental incubations. Concentrations are expressed relative to starting pore water concentrations (i.e., ⌬⌺H 2 S).
the WS-13 incubations, significant sulfide production was observed in the 13-N incubation, and the 13-H incubation showed no sulfide, again consistent with the occurrence here of dissolved O 2 in the pore waters. The 13-L incubation showed low level of sulfide (Ͻ0.05 mmol kg Ϫ1 ), although when compared to the magnitude of DIC production in this incubation (up to 4 mmol kg Ϫ1 ) it appeared that net sulfate reduction was negligible. As a result, in the remaining discussion, we will also treat 13-L as an aerobic (case 3) incubation.
iii. Titration alkalinity, total DIC, and calcium concentration changes. Changes in Alk T , DIC, and [Ca 2ϩ ] during each set of incubations are shown in Figures 6-8. These concentrations are expressed relative to starting concentrations, hence a ⌬ concentration (⌬C) notation is used in the tables and figures. Since these incubations were carried out under closed-system conditions, chlorinity (salinity) did not change significantly with time (Table 4) .
In such closed-system incubations, nonlinear concentration changes can occur (e.g., Rude and Aller, 1991) ; and in many of our incubations, pore water solute concentrations initially increased and then leveled off with time. To describe the reaction rates and stoichiometry in these studies, linear regressions were calculated between ⌬C and time for the linear portion of each time course. The range of data points used in each fitting was based on the maximum range over which there was a statistically significant linear slope and a best-fit y-intercept equal to 0 (Ϯ1) ( Table 5) .
All incubations showed a slight decrease in pH (Hu, 2007) . This observation agrees with the results of a closed-system organic carbon remineralization model for carbonate sediments (Boudreau and Canfield, 1993) , in which both aerobic respiration (when O 2 is present) and sulfate reduction (when O 2 is depleted) lead to a decrease in pore water pH as the reactions progress.
According to rxns. (3) and (4), pore water alkalinity and DIC production rates should equal one other, regardless of the organic matter remineralization pathway (i.e., aerobic vs. sulfate-reducing), if carbonate dissolution accompanies aerobic respiration but not sulfate reduction. Except for four of the five CM incubations, this was indeed the case ( Fig. 9 ; Table 5 ). We believe that the DIC production rates for these four CM incubations are low since other solute production rates (A T , sulfide and Ca 2ϩ ) appear to be consistent with each other, whereas the DIC production rates are not. These measured alkalinities are also consistent with calculated values of alkalinity based on the summation of the concentrations of the individual chemical species that contribute to the measured alkalinity (i.e., carbonate, bicarbonate, bisulfide, etc.; Hu, 2007) . The reason for low DIC production rates in these four CM incubations is unclear at the present time, although one possible explanation involves sulfide interference with the coulometric DIC analyses (Dickson et al., 2007) . The fact that we may see evidence for this possible interference in these CM incubations alone is perhaps not surprising, since these incubations showed sulfide concentrations (and rates of sulfide production) that were significantly greater than those seen in the other incubations (see Fig. 5 and Section 3a.ii), including the CM-W incubation for which there was good agreement between A T and DIC production rates (Fig. 9) .
iv. Pore water saturation state. In these experiments it appears that the pore waters were either supersaturated or close to saturation with respect to aragonite (Fig. 10) . 
[66, 4 Journal of Marine Research b. Stable carbon isotopes
Isotopic values of both carbonate sediments and seagrass are listed in Table 6 . Pore water DIC ␦ 13 C changes with time in WS-3 and WS-13 experiments are shown in Figure 11 . DIC ␦ 13 C values in WS-3 pore waters first showed a drop from the initial value 
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and then gradually increased as DIC concentration increased. DIC ␦ 13 C values in WS-13 pore waters (0-56 hrs) increased slightly in both the 13-L and 13-H incubations, with no obvious trend observed in the 13-N incubation. Based on the chloride concentration and a chloride:salinity ratio in seawater of 15.80 (Pilson, 1998) . 
Discussions
a. Sources of alkalinity and DIC
In the tropical, coastal seagrass sediments of Ban Pak Klok, Thailand, Holmer et al. (2001) observed that microbial respiration is closely coupled with organic matter production by the dominant seagrasses in these sediments, Cymodocea rotundata and Thalassia hemprichii; a similar observation was also made in Lower Laguna Madre sediments vegetated by T. testudinum (Jones et al., 2003) . On the Bahamas Bank seagrasses are the dominant primary producers (Tussenboek et al., 2006) and in our previous study (Hu and Burdige, 2007) , organic matter being remineralized in both bare oolitic sands and intermediate density seagrass sediments around LSI could be attributed to either a seagrass/detrital carbon mixture or seagrass carbon. Furthermore, in the carbonate dissolution/reprecipitation model proposed to explain the unusual enrichment of 13 C in the pore water DIC pool of dense seagrass sediments around LSI, seagrass carbon was assumed to be the sole type of organic carbon undergoing remineralization (see detailed discussions in Hu and Burdige, 2007) . Therefore in the closed-system incubations described here, we will similarly assume that seagrass is the sole organic carbon source that contributes to the pore water DIC pool.
On the other hand, alkalinity changes can result from aerobic respiration, carbonate dissolution, and sulfate reduction. In the strict anoxic incubations (case 1), [Ca 2ϩ ] Figure 9 . Production rates of alkalinity and DIC in all incubations (taken from Fig. 8 ), implying that net carbonate dissolution was minimal, and that pore water alkalinity increases here were almost exclusively derived from sulfate reduction.
To examine anoxic alkalinity production in case 1 incubations we used the following equation:
Figure 10. The pore water aragonite saturation index (⍀ arag ) in all incubations. ⍀ arag was calculated as the calcium carbonate ion concentration product (ICP) in the pore waters divided by the aragonite stoichiometric solubility constant (KЈ sp-arag ). The ion concentration product (ICP) for experimental time points was calculated using [Ca 2ϩ ] and [CO 3 2Ϫ ] , with the latter being determined with pH and DIC concentration data using the Excel version of the program CO2SYS (Millero, pers. comm., Lewis and Wallace, 1998) . The value of KЈ sp-arag was calculated using the constants in Mucci (1983) at experimental temperatures and salinity. where the value of x is based on the average value of the seagrass C/N molar ratio at each site (Table 7) , and the value of y is based on the seagrass C/P molar ratio. In carbonate sediments such as those we have studied, the sediments are generally P-limited and the C/P ratio may be ϳ1000 or higher (Hemminga and Duarte, 2000) . From Eq. (7), we therefore see that one unit of sulfate reduction produces slightly more than two units of alkalinity: Figure 11 . Co-evolution of pore water DIC ␦ 13 C and DIC concentration in (a) WS-3, and (b) WS-13 incubations. 
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where ⌬Alk S is the alkalinity produced by sulfate reduction, and alkalinity consumption from P remineralization is neglected.
In case 3 incubations, metabolic carbonate dissolution is driven solely by aerobic respiration, and one unit of organic carbon oxidation also yields slightly more than two units of carbonate alkalinity, if the strong acids (HNO 3 and H 3 PO 4 ) produced during aerobic respiration by organic N and P remineralization also dissolve sedimentary carbonate. However in the discussion below we will neglect the contribution of this strong acid production to carbonate dissolution, given the high seagrass C/N/P ratio (see Table 7 and the discussion above).
In case 2 studies, where both aerobic and anaerobic respiration occur, the following equation was used to differentiate the alkalinity sources (cf. Berner et al., 1970) :
where again ⌬Alk T is the change in total (measured) alkalinity, ⌬Alk S is defined above (see Eq. 8), and ⌬Alk C is then the alkalinity produced by aerobic, metabolic carbonate dissolution (rxns. 1-3). The determination of ⌬Alk C from experimental data is discussed in the next section.
b. Reaction stoichiometry
One of the goals of this work was to more critically examine the Ca 2ϩ content of the carbonate phase undergoing dissolution. Here plots of ⌬Alk C versus ⌬[Ca 2ϩ ] in individual incubations can be used, with the Ca content of the apparent carbonate phase that is dissolving being equal to 2x(d⌬ [Ca 2ϩ ]/d⌬Alk C ), where d⌬ [Ca 2ϩ ]/d⌬Alk C is the slope of the regression line through the data. In case 2 studies, ⌬¥H 2 S results and Eq. (8) can be used to calculate ⌬Alk S , and then ⌬Alk C can be calculated with Eq. (9). In case 3 studies where there was no sulfate reduction, ⌬Alk S ϭ0 and ⌬Alk C ϭ ⌬Alk T .
In all HW, OS, and CM incubations except the CM-W incubation, Ca 2ϩ and Alk C concentration changes were relatively low due to either low overall rates of sediment processes (e.g., the OS incubations) or high rates of sulfate reduction versus aerobic respiration (e.g., all CM incubations except CM-W). As a result, regressions of ⌬[Ca 2ϩ ] versus ⌬Alk C for these regressions yielded slopes with large errors and high P values (Ͼ0.05). Therefore these results are not included in the discussion here. Also, neither the 3-N nor the 13-N incubation yielded significant amounts of Ca 2ϩ production (d⌬ [Ca 2ϩ ]/ dtϷ0, Table 5 ), which is indicative of no net carbonate dissolution, consistent with the trends discussed in Section 3a.i for such case 1 incubations. These results were therefore similarly not used in the calculations described here.
In the remaining incubations (CM-W, 13-L, 13-H, 3-H and 3-L), regressions of ⌬[Ca 2ϩ ] versus ⌬Alk C yielded slopes that ranged from 0.32 to 0.47 ( Fig. 12 and Table 8) , with a weighted average of 0.39Ϯ0.01. Thus the apparent dissolving carbonate phase in these incubations had a Mg-content of ϳ22 mole% (i.e., (1-0.39) ϫ 2 ϭ 0.22), broadly consistent with HMC being the dissolving carbonate phase. Solubility considerations Figure 12 . The regression of ⌬[Ca 2ϩ ] vs. ⌬Alk C for the CM, WS-3 and WS-13 incubations. Since the y-intercepts of these linear regressions are not significantly different from zero, the regression lines were all forced through the origin. Note that in the CM incubations, only the data from the CM-W incubation were used to generate the regression line. See the text and Table 8 for details.
(Section 3c.iv and Fig. 10 ) further suggest that a carbonate phase(s) with a solubility greater than or similar to aragonite (e.g., HMC) was dissolving in these incubations in response to metabolic CO 2 production (see Mackenzie, 1990, or Morse et al., 2006 , for discussions of HMC vs. calcite or aragonite solubility).
In contrast, the Mg content of the HMC in the CM, WS-3 and WS-13 sediments determined using XRD techniques was much lower than that calculated from the pore water results (ϳ12-13 mole% vs. ϳ22 mole% Mg; see Tables 2 and 8 ). Two possible reasons may explain this apparent discrepancy. The first is that a more soluble HMC with a higher Mg content (ϳ22 mole% Mg) was actually dissolving, since in natural carbonates HMC solubility increases with increasing Mg content (Plummer and Mackenzie, 1974; Bischoff et al., 1987 Bischoff et al., , 1993 . Furthermore, because the XRD spectra of these carbonate sediments generally showed a broadened 104 peak as compared to that obtained with pure biogenic calcite standards, the HMC in these sediments was possibly a mixture of carbonates with a range of Mg contents such that the average value was ϳ12 mole% (Berner, 1966) . However, when comparing our results with tabulated results in the literature of the Mg content of HMC in Bahamian sediments (e.g., Morse et al., 1985) , the Mg content of HMC based on the pore water data is at the high end of this range. At the same time, histograms of the Mg content of HMC in shallow water carbonate sediments in general show that the average Mg content of these sediments is ϳ13-14 mole% (Morse and Mackenzie, 1990) , with no sediments they examined having a Mg content greater than 18 mole%.
Alternatively, if HMC with ϳ12 mole% Mg was indeed dissolving, then a secondary carbonate phase with a lower Mg content may be reprecipitating (e.g., Rude and Aller, 1991 a Uncertainties are standard errors obtained from linear regressions (Fig. 13) . b In these incubations the regression slopes of ⌬[Ca 2ϩ ] versus ⌬Alk C for each incubation were not significantly different from each other (Student's t-test, PϾ0.05). Therefore the pooled data were used to calculate a combined value of d⌬ [Ca 2ϩ ]/d⌬Alk C . c In the WS-13 incubations, the first 6 data points (0-56 hrs) for both oxic incubations showed a good linear relationship between ⌬[Ca 2ϩ ] and ⌬Alk C and were used in these regressions. This approach is consistent with the isotope mass balance calculations in the Section 4c (see note e in Table 9 ), and 56 hrs also represents the time at which the O 2 gas pressure was reduced from 20 psi to 10 psi (see note c in Table 3 ).
the Ca/Mg ratio of the sediment HMC. These two possible explanations will be revisited in Section 4d after discussing the stable isotope mass balance in Section 4c.
c. Stable carbon isotope mass balance
In our previous work (Hu and Burdige, 2007) we showed that the ␦ 13 C of pore water DIC could be used to not only differentiate between carbon sources that contribute to the pore water DIC pool (see Eqs. 1-3), but could also provide evidence for coupled carbonate dissolution/reprecipitation. In this section we will use the stable isotope data from these incubation experiments to examine these same processes.
Following the procedure in Hu and Burdige (2007) , the ␦ 13 C of the DIC being added to the pore waters of these incubations (␦ 13 C added ) was calculated using a linear regression of ␦ 13 C ⅐ DIC vs. DIC (also see discussions in Sayles and Curry, 1988; Martin et al., 2000 ; note that ␦ 13 C ⅐ DIC is the ␦ 13 C of the pore water DIC multiplied by the DIC concentration). The values of ␦ 13 C added derived from these linear regressions are shown in Table 9 and Figures 13-14 .
In the absence of coupled dissolution/reprecipitation one unit of CO 2 production under oxic conditions should result in approximately the same amount of carbonate dissolution (ignoring the minor amount of carbonate dissolution caused by nitric and phosphoric acid productions; see Section 4a). Therefore ␦ 13 C added can be described using the following equation: Figures 12-13 . b For the oxic (case 3) incubations (3-L & 3-H, 13-L and 13-H) ␦ 13 C OM values were calculated using a 1:1 mixing ratio between organic carbonate and carbonate carbon (see Eq. 10 and related discussions). For the anoxic incubations, the apparent lack of significant carbonate dissolution implies that ␦ 13 C OM is roughly equal to ␦ 13 C added . c In the WS-3 incubations, the calculated ␦ 13 C added values in both the 3-L and the 3-H incubations were not significantly different from each other (ANCOVA, PϾ0.05), therefore the data from these incubations were pooled together and a single ␦ 13 C added value was calculated for the pooled data set. d This regression was not significant although the calculated ␦ 13 C added was used for comparative purposes.
e Data from only the first half (0-56 hr) of these incubations were used here (see note c in Table 3 for details).
where the f values are the fractional DIC contributions from carbonate dissolution (subscript C) and organic matter oxidation (subscript OM) and, based on Eqs. (1)
Using Eq. (10), the calculated values of ␦ 13 C added (Table 9 ) and the measured values of ␦ 13 C C in WS-3 and WS-13 sediments (Table 6) can be used to back-calculate ␦ 13 C OM in the WS-3 and WS-13 L and H incubations. These results are also listed in Table 9 . Similarly, in the anoxic (3-N and 13-N) incubations the absence of any carbonate dissolution (see Section 4b) implies that ␦ 13 C OM Ϸ ␦ 13 C added , based solely on the addition of DIC to the pore waters of these incubations by sulfate reduction.
However an examination of the results in Table 9 show that the values of ␦ 13 C OM calculated using the approach outlined above were all greater than the ␦ 13 C values of seagrasses at the respective sites (Table 6) , as well the ␦ 13 C values of any other types of natural organic carbon that might be found in these environments (Rasmussen et al., 1990; Hofmann et al., 2000) . Similar observations in dense seagrass sediments around LSI were explained by a coupled dissolution/reprecipitation process ( Fig. 15 ; Hu and Burdige, 2007) , and in the following discussion, the closed system dissolution/reprecipitation model presented in this paper will be applied to the results from these incubations.
In this model several assumptions are explicitly made: (1) no isotope fractionation Figure 13 . Regression of ␦ 13 C ⅐ DIC vs. DIC in the WS-3 incubations. Note that the regression lines did not include the initial data points, to account for the equilibration of the sediment-water mixture after the initial setup of the experiment. The data from the 3-L and 3-H incubations were pooled together since regression slopes (␦ 13 C added ) of each individual incubation were not statistically different from each other, although both were lower than that of the anoxic incubation (ANCOVA test, PϽ0.05, and ␦ 13 C added-3-L ϭ ␦ 13 C added-3-H Ͻ ␦ 13 C added-3-N ).
occurs during carbonate dissolution (Martin et al., 2000) ; (2) reprecipitation of the secondary carbonate occurs under equilibrium conditions (Patterson and Walter, 1994) ; (3) isotopic fractionation during reprecipitation (⑀ calcite-HCO3 Ϫ) equals 0.9‰ (Rubinson, 1969) ; and (4) diffusion processes that causes isotope gradients on mineral surfaces are negligible, i.e., the pore waters are isotopically homogeneous so that the secondary carbonate produced at any given time has the same isotopic composition throughout the incubation vial.
For the aerobic incubations, carbonate dissolution and reprecipitation in the model equations can be expressed as: Figure 14 . Regression of ␦ 13 C ⅐ DIC vs. DIC in the WS-13 incubations. In the 13-N incubation, the regression slope was not significant (see Table 9 ).
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where: r is the rate of a reaction; the subscripts diss, ox, and rp represent gross dissolution, organic matter oxidation and reprecipitation; and F i is the 13 C isotopic abundance of the reactants carbonate (i ϭ C) and organic carbon (i ϭ OM), and the secondary carbonate product (i ϭ rp). Based on mass balance considerations,
where R i is the isotopic ratio ( 13 C/ 12 C) in the appropriate phase. Based on assumption (3) above, the isotopic ratio of the reprecipitated carbonate (R rp ) is related to that of the pore water DIC (R pw ) by:
in which the equilibrium isotope fractionation factor ␣ ϭ e (⑀ϩ1) ϭ 1.009. The "net" dissolution rate (rЈ diss ) equals r ox (see Table 10 and Hu and Burdige, 2007) , and therefore
Finally, given the stoichiometry of rxn. (3), r ox can be calculated through the regression of DIC versus incubation time:
Note that values of r ox calculated using alkalinity production rates agreed well with DIC-derived rates (Table 5 ). In the two anoxic incubations (3-N and 13-N) ⌬[Ca 2ϩ ] results suggested that net carbonate dissolution was negligible in these incubations (see Section 4b). Thus here Figure 15 . Carbonate dissolution/reprecipitation model. The dissolution rate (r diss ) shown here represents the "gross" dissolution rate equal to the sum of the metabolic dissolution rate (r ox ; driven by CO 2 release) and the reprecipitation rate (r rp ). See Hu and Burdige (2007) for details.
net dissolution (rЈ diss ) was assumed to be equal to 0 and any carbonate dissolution must be balanced by reprecipitation (i.e., r diss ϭ r rp ). As a result, Eqs. (11)-(12) become:
and r ox is:
Both the oxic model ) and the anoxic model (Eqs. 17-19) were solved using the 4 th order Runge-Kutta method in the program Stella. Values of r ox and rЈ diss that were used in the solutions to these model equations were taken from Table 10 , and values of F C and F OM were calculated using eq. (13) and results are in Table 6 . F rp was calculated as discussed above using Eq. (14). The data for each incubation were therefore fit to the appropriate model by adjusting values of r rp to obtain the calculated ␦ 13 C added value for that incubation. These values of r rp are also shown in Table 10 , as are the values of r diss calculated using Eq. (15). b Calculated with the pore water data from these incubations as discussed in the text. c Used as an adjustable fitting parameter in the model as discussed in the text. d In the oxic incubations, calculated using Eq. (15); in the anoxic incubations, assumed to be equal to r rp (see the text for details).
e R rx is the ratio of carbonate reprecipitation and net dissolution rates (r rp /rЈ diss ). In the absence of net dissolution in the 3-and 13-N experiments, R rx can not be calculated. f x is the calculated Ca content in the secondary carbonate phase (see Eq. 21). Errors reported here were determined by propagation of errors through the calculation of x.
g r ox for 3-L and 3-H was calculated on pooled DIC data because the DIC production rates from both incubations (see Table 5 ) were not significantly different from each other (ANCOVA test, PϾ0.05).
The co-evolution of pore water DIC concentration and the ␦ 13 C of the DIC in these incubations, and these best-fit model results, are shown in Figures 16 and 17 . As can be seen, the model does a reasonably good job of reproducing these data. More importantly, by constraining the rates of gross dissolution (r diss ) and reprecipitation (r rp ) with these model results we can now re-examine the discrepancy described in Section 4b between the composition of HMC in these sediments determined by XRD (Table 2) , and the composition of the HMC phase that is apparently dissolving based on the pore water results (Table 8 ). 
Based on these equations the concentration changes for Ca 2ϩ and alkalinity are given by:
and the linear regression of ⌬ [Ca 2ϩ ] versus ⌬Alk will have a slope equal to:
With the values of r diss and r rp in Table 10 and the values of d⌬ [Ca 2ϩ ]/d⌬Alk in Table 8 (also see Section 4b), we can then use Eq. (24) to solve for x, the Ca content of the secondary carbonate phase that is being reprecipitated.
ii. Anoxic incubations. There appeared to be minimal net carbonate dissolution in the 3-N and 13-N incubations (Section 4b), and in the model calculations with these data we explicitly assumed that rЈ diss was equal to zero. This assumption then implies that any net alkalinity change comes from sulfate reduction (and not carbonate dissolution), indicating that Eq. (23) is not valid for these incubations. However Eq. (22) does allow us to solve for x in these incubations, using the values of d⌬ [Ca 2ϩ ]/dt in Table 5 and the values of r diss and r rp in Table 10 .
iii. Results. Although estimates of x from individual incubations have relatively large errors (Table 10) , a weighted average of all these results (each value weighted by the inverse of its variance; Bevington and Robinson, 1969) yields an x value of 0.92Ϯ0.23. This implies that the secondary phase which forms in these sediments was likely HMC with ϳ8 mole% Mg (i.e., Ca 0.92 Mg 0.08 CO 3 ), versus an HMC starting material with ϳ12 mole% Mg. Although some caution must be taken in the interpretation of these calculations, they agree with the composition of HMC overgrowths (ϳ8 mole% Mg) which formed on the surface of Iceland spar (crystallized calcite mineral) buried in Bahamian sediments (Mucci and Morse, 1983; Morse and Mucci, 1984) .
Furthermore, when our results are examined in the context of the discussion in Section 4b, it appears that carbonate reprecipitation in these sediments produces a secondary phase with only a slightly lower Mg content than that of the starting material. These results therefore suggest that HMC dissolution/reprecipitation likely occurs in the sediments we studied as a result of "Ostwald ripening." In this process smaller carbonate grains dissolve at the expense of secondary carbonates that form on the surface of larger grains as a means of reducing the surface free energy of sediment particles. Furthermore, this occurs without significant alteration of both carbonate composition and mineralogy (see similar results in Bischoff et al., 1987; Reid and Macintyre, 1998; Hover et al., 2001) .
The occurrence of this type of carbonate dissolution/reprecipitation in sediments with moderate to high seagrass densities (see LAI values in Table 1 ) is consistent with previous studies which have suggested that seagrass canopies not only hinder sediment resuspension and winnowing of fine-grained particles, but may also promote the deposition of fine particles from the water column to the sediments through the dampening of water motion (Morse et al., 1987; Koch and Gust, 1999) . As additional evidence of this, we have observed a weak (r 2 ϭ 0.23) but significant (p Ͻ 0.05) relationship between median grain size and LAI in sediments we have studied across the greater expanse of the Great Bahamas Bank (including sites WS-3 and -13; see Hu, 2007) .
e. Reaction rates-further considerations
Seagrass materials appeared to be the dominant organic carbon source for microbial respiration in these oligotrophic sediments, and fresh seagrass litter is generally considered to be "labile" (Boschker et al., 2000; Holmer et al., 2001; Jones et al., 2003) . Therefore it appears that there was no major difference in the rates of aerobic versus anaerobic organic matter remineralization in these short-term incubations (Table 10 ). This observation is consistent with previous findings in the literature regarding remineralization rates of reactive organic matter under oxic versus anoxic redox conditions (see Burdige, 2006 , for a review).
In the WS-3 and WS-13 incubations the ratio of the rates of carbonate reprecipitation and net carbonate dissolution (R rx ) ranged from 0.9-2.1. This range appears to be very similar to values of this ratio in the literature for other shallow water carbonate platform sediments (e.g., 3.1-6.6 in Rude and Aller, 1990; 1.1-2.0 in Walter et al., 1993) , despite the fact that these earlier studies estimated this ratio using distinctively different approaches than we used here. Although care needs to be taken when comparing these results, the agreement among all of these studies is encouraging. A combination of such methods may therefore be potentially useful in future studies examining carbonate dissolution/ reprecipitation processes in recent marine sediments.
The carbonate dissolution rates reported here are rates for surface sediments on the Bahamas Bank, and based on these results alone we have no knowledge of how the rates vary with sediment depth. However based on modeling results (Burdige et al., 2008) we have observed that carbonate dissolution occurs broadly between 1 and 9 cm in these sediments. Using this depth distribution, we can convert our model-derived depth integrated rates of carbonate dissolution (units of mmol m Ϫ2 d Ϫ1 ) to volumetric 520 [66, 4 Journal of Marine Research rates (e.g., M d Ϫ1 ) at discrete depths, which can then be compared with the similar volumetric rates determined in this study. In this approach we use a trapezoidal approximation of the rate profile described above, in which the carbonate dissolution rate increases linearly from 0 to a constant value between 0 cm and 3 cm, remains constant at this value between 3 cm and 7 cm, and then linearly decrease back to 0 between 7 cm and 9 cm. Our pore water modeling results predict depth integrated rates of carbonate dissolution in Bahamas Bank sediments that range from ϳ1 to 80 mmol m Ϫ2 d Ϫ1 (Hu, 2007; Burdige et al., 2008) . When these integrated rates are applied to the rate profile discussed above they result in average rates in the upper 2 cm of sediment that range from ϳ3 to 23 mol kg Ϫ1 hr Ϫ1 . If we assume that the rates we have measured in this study similarly represent average rates in the upper 2 cm of sediment, the results in Figure 18 suggest that they range from ϳ2 to ϳ30 mol kg Ϫ1 hr Ϫ1 . This comparison therefore suggests that the rates of carbonate dissolution observed in our incubations are quite close to in situ sediment carbonate dissolution rates, allowing us to use our results to examine the controls on carbonate dissolution in these sediments. (3) is correct. In all incubations except 3-L, 3-H, and 13-H, O 2 consumption rates were assumed to be equal to the O 2 delivery rates from the gas diffusion tube (see Table 3 ). In these three incubations O 2 consumption was estimated as discussed in the text. Uncertainties are standard errors.
f. Role of O 2 input on carbonate dissolution
One goal of this study was to use these results to examine the stoichiometric relationship between rates of O 2 consumption and net carbonate dissolution. To begin this analysis, we first assumed that all O 2 consumption rates were equal to the O 2 delivery rates from the gas diffusion tubes (Table 3) . Next, Ca 2ϩ production rates (rather than alkalinity or DIC production rates) were used to calculate net carbonate dissolution rates, given the fact that Ca 2ϩ production in these sediments occurs unambiguously from carbonate dissolution.
However in the absence of information on the exact stoichiometry of carbonate dissolution/ reprecipitation in many of these incubations, to convert these calcium production rates to carbonate dissolution rates, two end member approaches were used, based on assumptions regarding the Ca content of the HMC undergoing dissolution. In one case we assumed that this Ca content could be obtained from plots of pore water d⌬ [Ca 2ϩ ]/d⌬[Alk C ] (Table 8, see Section 4b), while in the second case we assumed that the HMC undergoing dissolution has a Ca content based on XRD results ( Table 2 ). The uncertainty in carbonate dissolution rates shown in Figure 18 is based on the range of rates obtained from using these two approaches.
Values of the carbonate dissolution rate for each incubation are plotted versus O 2 consumption rate in Figure 18 . In all incubations except for the 3-L, 3-H, and 13-H incubations, this approach initially demonstrated that there was a 1:1 relationship between O 2 consumption and carbonate dissolution. However in these three incubations, O 2 consumption rates based on the O 2 delivery rates from the diffusion tubes (ϳ150-249 mol kg Ϫ1 hr
Ϫ1
) appeared to be much greater than the carbonate dissolution rates (ϳ15-31 mol kg Ϫ1 hr Ϫ1 ); note that these results are not plotted in Figure 18 , although see Hu, 2007 , for details). Taken at face value, this observation might be seen as evidence of an uncoupling of aerobic respiration (rxn. 1) and carbonate dissolution (rxn. 2), implying that in these incubations aerobic respiration was sufficiently fast that carbonate dissolution became the rate-limiting step. However, if this were the case, we would also expect to see an uncoupling of alkalinity and DIC production in these incubations, with DIC production greatly exceeding that of alkalinity. In contrast though the results in Figure 9 show that such an uncoupling was not observed in the 3-L, 3-H, and 13-H incubations, and alkalinity and DIC production rates were equal to one another in each of these incubations (also see Table 5 ). The reasons for this discrepancy in apparent O 2 input rates and measured rates of alkalinity or DIC production in these three incubations is not well understood, although difficulties with the C-flex tubing, that was used solely in these incubations, seems a possibility.
First, the soft C-flex tubing may have been pinched by the sediments inside the incubation vial, or by the silicone septa they were passed through at the top of each vial, as opposed to the relatively more rigid Teflon tubing. Therefore O 2 delivery into these tubes may have been less than the delivery rates based on the calibration curve (Fig. 4) and gas pressure readings on the regulators (see discussions in Hu, 2007, for details) . In addition, visual inspection revealed some amount of biofouling of the exterior walls of the C-flex tubing after these incubations, and this biofouling may also have decreased the diffusivity of O 2 through this tubing inside the incubation vials. Nevertheless, the agreement between alkalinity and DIC production rates in these three incubations suggests that it is not unreasonable to assume here that the O 2 consumption rates in these incubations can be estimated as being one half of the DIC (or alkalinity) production rate, as indicated in Eq. (3).
With this approach we see that the 1:1 relationship between carbonate dissolution and O 2 consumption extends over the entire range of rates observed in these incubations. These results therefore indicate that metabolic CO 2 production is the rate-limiting step in carbonate dissolution in these shallow-water carbonate platform sediments, consistent with other results (largely from deep-sea sediments) where it has also been observed that carbonate dissolution rates are faster than organic carbon oxidation rates at much lower overall rates of both processes (Martin et al., 2000; Martin and Sayles, 2003) .
Our results also have important implications in terms of understanding carbonate dissolution in seagrass meadow sediments. In Bahamian sediments the roots and rhizomes of seagrasses penetrate up to ϳ20 cm into the sediments (Hu, 2007; Burdige et al., 2008) , and their sub-surface O 2 input allows for much deeper oxygen penetration into these sediments than is typically observed in other coastal and shallow water sediments (e.g., Cai and Sayles, 1996; Meile and Van Cappellen, 2003) . Seagrass input of O 2 into carbonate seagrass sediments therefore leads to a situation in which CO 2 production by aerobic respiration occurs relatively "deep" in the sediments (Burdige et al., 2008) and increases its reaction time with the carbonate sediments. This may then minimize the importance of bottom water-pore water exchange in the neutralization of this acid (e.g., Jahnke and Jahnke, 2004) . When combined with the results in Figure 18 , these two factors will strongly enhance metabolic dissolution efficiency (MDE) in these shallow water carbonate sediments (note that MDE is defined as the ratio of the dissolving carbonate flux and the metabolic acid production flux across the sediments-water interface; again see, e.g., Jahnke and Jahnke, 2004) . However, further study of mass transport mechanisms near the sediment-water interface of these carbonate sediments will be necessary to quantitatively examine such problems.
Conclusions
In closed-system incubations sediment carbonate dissolution and O 2 consumption showed a robust 1:1 linear relationship over a wide range of reaction rates. This observation further supports observations in the literature that organic carbon oxidation (CO 2 production) is the rate limiting step in metabolic carbonate dissolution. Equally important, these results further support our previous suggestions (Burdige and Zimmerman, 2002; Burdige et al., 2008) that sediment O 2 input ultimately controls the occurrence of carbonate dissolution in shallow water carbonate platform sediments.
We have confirmed suggestions in the literature that high-Mg calcite with a solubility similar to or greater than that of aragonite undergoes preferential dissolution in carbonate sediments on the Bahamas Bank as a result of sedimentary microbial respiration. However dissolution is also accompanied by reprecipitation, and the carbonate dissolution/ reprecipitation model proposed in Hu and Burdige (2007) was successfully applied to the results from these incubations to explain the apparent enrichment of 13 C in the pore water DIC pool of these incubations. These results demonstrate that the simple 1:1 production of DIC by organic matter oxidation and carbonate dissolution cannot always be used directly to differentiate carbon sources to the pore water DIC pool of such carbonate sediments. Carbonate reprecipitation occurred over the relatively short time scales of these experiments, suggesting that studies of pore waters can be used in addition to other geochemical techniques (such as XRD) to study carbonate diagenesis in recently deposited sediments. The calculated ratio of carbonate reprecipitation to net dissolution in our incubations (R rx Ϸ 0.9-2.1) agreed well with literature values for other shallow water carbonate sediments determined using a number of different techniques (Hu and Burdige, 2007; Walter et al., 1993; Rude and Aller, 1990) .
Combining pore water property-property plots with our closed system stable isotope dissolution/reprecipitation model, we have observed that the reprecipitated carbonate phase had a Mg content that is similar to or slightly lower than that of the dissolving high-Mg calcite. Dissolution/reprecipitation therefore appeared to occur by "Ostwald ripening," as has been reported in other studies of shallow water carbonate sediments.
Finally, all of these observations further reinforce conclusions reached in our earlier work (Hu and Burdige, 2007) that carbonate dissolution/reprecipitation may be important not only in shallow water carbonate platform sediments, but also in other siliciclastic coastal sediments (Eldridge and Morse, 2000; McNichol et al., 1991) .
